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Abstract 21 
A marked ocean acidification event and elevated atmospheric carbon dioxide concentrations 22 
following the extreme environmental conditions of the younger Cryogenian glaciation has 23 
been inferred from boron isotope measurements. Calcium and magnesium isotope analyses 24 
offer additional insights into the processes occurring during this time. Data from 25 
Neoproterozoic sections in Namibia indicate that following the end of glaciation the 26 
continental weathering flux transitioned from being of mixed carbonate and silicate character 27 
to a silicate-dominated one.  Combined with the effects of primary dolomite formation in the 28 
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cap dolostones, this caused the ocean to depart from a state of acidification and return to 29 
higher pH after climatic amelioration. Differences in the magnitude of stratigraphic isotopic 30 
changes across the continental margin of the southern Congo craton shelf point to local 31 
influences modifying and amplifying the global signal, which need to be considered in order 32 
to avoid overestimation of the worldwide chemical weathering flux. 33 
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1 Introduction 38 
The response of the Earth system to recent changes in forcing parameters has attracted 39 
much attention. The response to and recovery from a hypothesised ultra-greenhouse state 40 
following the global glaciations of the Neoproterozoic represent one of the most acute tests 41 
of feedbacks within the Earth system to maintain an equable environment. Such events are 42 
marked geologically by deposition worldwide of „cap carbonate‟ (Hoffman and Schrag, 2002), 43 
a distinctive rock layer that directly overlies glacial deposits or glaciated surfaces (Hoffman 44 
and Schrag, 2002; James et al., 2001; Kennedy, 1996; Kennedy et al., 1998, 2001a, 2001b; 45 
Williams, 1979). 46 
Although cap carbonates are recognised as a fingerprint of the icehouse-to-47 
greenhouse transition (Hoffman et al., 1998), no consensus exists as to their causal 48 
mechanism or the atmospheric-oceanic conditions under which they formed. A widely held 49 
view is that elevated atmospheric CO2 would have generated extreme greenhouse 50 
conditions, acidified the post-glacial ocean, increased surface temperatures and precipitation 51 
and, as a consequence, continental weathering and riverine transport. This in turn led to 52 
enhanced rock (silicate) weathering thereby augmenting CO2 consumption, increasing ocean 53 
alkalinity and pH, and, ultimately, lowering temperatures. 54 
Stratigraphic trends in the stable isotope compositions of the cap carbonates are 55 
distinctive and largely consistent with the model described above. Carbon isotopes initially 56 
display a sharp negative excursion followed by recovery to more positive values. Even 57 
though lively debate remains regarding the exact cause of this excursion, many studies have 58 
shown the overall isotopic trends to be stratigraphically systematic and of global significance 59 
(e.g. Halverson et al., 2005). Further, concomitant negative boron isotope excursions in post-60 
glacial carbonates have been used in a recent approach to address ocean pH fluctuations 61 
during the transition from icehouse to greenhouse states (Kasemann et al., 2010). 62 
Having reconstructed ocean pH conditions for the older and younger Cryogenian pan-63 
glacial states and identified a temporary ocean acidification event for the younger interglacial 64 
(Kasemann et al., 2010), this study deals with the next critical step in deciphering Cryogenian 65 
environmental conditions: to resolve the discrepancy between having an acidic ocean whilst 66 
maintaining relatively high rates of carbonate sedimentation, and how the Earth system 67 
recovered from the extreme ocean pH conditions. The combined application of calcium and 68 
magnesium isotopes provides unique insight into the evolution of continental weathering, 69 
ocean alkalinity, and carbonate sedimentation under these unusual conditions.  70 
 71 
1.1 Background 72 
Chemical weathering of continental silicates consumes atmospheric CO2, and acts as a 73 
climate-moderating process (e.g. Kump et al., 2000). In addition, weathering delivers 74 
carbonate and metal ions to the oceans (Berner et al., 1983, 1990; Kump et al., 2000; Walker 75 
et al., 1981) where they are removed via precipitation of calcium carbonate with implications 76 
for ocean alkalinity (Archer et al., 2000; Dessert et al., 2003; Gaillardet et al., 1999). Calcium 77 
and magnesium are key components in both chemical weathering reactions (e.g. Berner et 78 
al., 1983, 1990; Kump et al., 2000; Walker et al., 1981) and carbonate precipitation. In 79 
seawater and carbonates, their isotope ratios can change in response to large flux 80 
imbalances, fluctuations in ocean temperature, variations in mineralogy and rates of 81 
precipitation (e.g. Blättler et al., 2011; De La Rocha and DePaolo, 2000; Li et al., 2012; 82 
Pogge von Strandmann, 2008; Shen et al., 2009; Teng et al., 2008; Tipper et al., 2006a, 83 
2006b; Zhu and Macdougall, 1998). Importantly, calcium and magnesium isotope ratios in 84 
ancient carbonates are strongly rock-buffered, hence largely unaffected by diagenesis 85 
(Fantle and DePaolo, 2007). 86 
Ca and Mg have long modern oceanic residence times of ca. 1 Myr and 10 Myr, 87 
respectively (e.g. Berner and Berner, 1996; Holland, 1978). Accordingly, Ca and Mg isotopes 88 
preserved in Neoproterozoic interglacial carbonates can be used to trace and potentially 89 
quantify changes in continental weathering and ocean alkalinity and, consequently, yield 90 
insights into Earth‟s ancient climatic states. However, the isotope composition of seawater 91 
may still change over shorter time intervals if the influence of the driving factor is large 92 
enough and/or seawater exchange within the depositional basin is restricted (Holmden et al., 93 
2012).  94 
To test this, we have measured Ca and Mg isotope ratios on samples from carbonate 95 
units of the Neoproterozoic Otavi Group in NW Namibia (Fig. 1; Kasemann et al., 2005, 96 
2010). These sections were deposited on the low-latitude continental margin of the southern 97 
Congo craton, represent different depositional facies (foreslope and platform) and contain a 98 
record of the younger Cryogenian (ca. 635 Ma) pan-glacial to greenhouse transition. The 99 
combined stable isotopic datasets for these sections enable us to construct and combine 100 
weathering/alkalinity, palaeo-pH and carbon chemistry profiles over a variety of water depths 101 
and settings for one depositional basin. Further, we can assess if Ca and Mg isotopes can be 102 
used: (i) as stratigraphic fingerprints recording characteristic trends specific to the younger 103 
Cryogenian (Marinoan) glaciation-deglaciation sequence; (ii) to identify their regional (local) 104 
and/or global significance; and (iii) to evaluate the nature and scale of chemical weathering 105 
and Earth system recovery during the Cryogenian climatic extremes. 106 
 107 
2 Material and methods 108 
2.1 Samples 109 
Samples selected for this study were collected from the Neoproterozoic Otavi Group in NW 110 
Namibia (see Supplemental Online Material), and are the same samples on which 111 
Kasemann et al. (2005, 2010) previously obtained and reported C, O, and B isotope ratios 112 
(Supplementary Online Material). The sampled sections were from two well-exposed areas 113 
(Fig. 1), the eastern Kaokoveld carbonate platform (Ombaatjie and Khowarib sections) and 114 
the Fransfontein Ridge shelf-slope break (Fransfontein section), and define a transect from 115 
shallow- to deeper-marine settings across the palaeocontinental margin of the Congo craton 116 
(Kasemann et al., 2010). In addition, the sections capture the meltback phase of the younger 117 
Cryogenian (ca. 635 Ma) Ghaub Formation and the return to more moderate climatic 118 
conditions (Halverson et al., 2005; Hoffmann et al., 2004).  119 
As noted in Kasemann et al. (2005, 2010), the sample localities have not experienced 120 
any degree of metamorphism and are only moderately deformed with broad and open folds. 121 
The rocks selected for isotope analyses preserve exquisite evidence of original depositional 122 
features and structures, are uniform and micritic in texture, and contain no observed 123 
evidence of secondary alteration or recrystallization. Prior to isotope analyses, the quality of 124 
the samples was checked by scanning electron microscope (SEM) and trace element 125 
analyses using secondary ionisation mass spectrometry (SIMS), as detailed in Kasemann et 126 
al. (2005, 2010).  127 
 128 
2.2 Analytical techniques 129 
Calcium isotope ratios were determined in the laboratories of the Bristol Isotope Group (BIG) 130 
using the preparation technique, measurement routine and data collection method detailed in 131 
Kasemann et al. (2005, 2008) and Supplemental Online Material. Analyses were performed 132 
on a Thermo Finnigan Triton thermal ionisation mass spectrometer. Ca isotope ratios are 133 
given relative to NIST SRM 915a in the conventional δ44/40Ca (‰) notation. The 134 
n(44Ca)/n(40Ca) ratio of the reference material for each analytical session was reproduced to 135 
within 0.1‰ (2σ), with an internal uncertainty of about 0.05‰ (2σmean). The uncertainty (2 136 
on the isotope ratio of the samples is about 0.15‰.  137 
Magnesium isotope ratios n(26Mg)/n(24Mg) were measured using a Thermo Finnigan 138 
Neptune multicollector ICP-MS at Bristol University using an Elemental Scientific Inc. Apex-Q 139 
introduction system. Samples were analysed in a sample-standard bracketing technique, 140 
relative to the standard DSM-3 (Galy et al., 2003). Analyses and purification chemistry were 141 
performed as detailed in Pogge von Strandmann (2008) and Pogge von Strandmann et al. 142 
(2011). The external uncertainty (2σ) of the analyses is ±0.05‰ on δ26Mg, as determined by 143 
repeated analyses of the same seawater sample (n = 14; chemistry = 14) (Foster et al., 144 
2010) (see Supplemental Online Material for further details) 145 
  146 
3 Results 147 
The isotopic data are summarised in Fig. 2 (and Supplementary Online material; for detailed 148 
discussion of the C, O and B isotopic data see Kasemann et al., 2005, 2010). 44/40Ca values 149 
for Fransfontein (foreslope; Figs. 2, 3) display a sinusoidal profile starting at 1.1‰ in the 150 
Keilberg cap-dolostone, decline to 0.8‰ in Maieberg dolostone, climb to 1.3‰ in limestone 151 
and end at 0.9‰ in the Elandshoek dolostones. The Ombaatjie (mostly inner-mid platform to 152 
peritidal settings) 44/40Ca profile is bow-shaped and starts with a value of 1.1‰ in the cap 153 
dolostone, declines to 0.4‰ in the overlying deeper-marine rhythmites of the Maieberg 154 
limestone and returns steadily to 1.1‰ through the shallowing-upward trend of the inner-mid 155 
platform to peritidal Maieberg dolostones (Kasemann et al., 2005). In stark contrast, the 156 
44/40Ca values for the nearby Khowarib section (similar palaeoenvironmental setting as the 157 
Ombaatjie section) show relatively constant but rather low values (average of 0.51 ± 0.14‰, 158 
1) with non-systematic scatter from 0.2 to 0.7‰ through the entire profile of 15 samples 159 
(Figs. 2, 3). 160 
 26Mg profiles were constructed for the Keilberg-Maieberg cap-carbonate sequence 161 
at Fransfontein and Ombaatjie. In the former, 26Mg starts in the cap at -1.6‰, rises to -1.4‰ 162 
and declines through the Maieberg Formation to ca. -2.1‰ (Figs. 2, 3). In the latter, 26Mg 163 
starts at -1.8‰, increases to -1.4‰, then declines to -2.1‰ in Maieberg limestones before 164 
rising gradually to -1.5‰ through the rest of the formation.      165 
The Ca and Mg isotope inflections and trends do not correspond to or coincide with 166 
facies changes or lithostratigraphically defined formational boundaries. Consequently, the Ca 167 
and Mg isotope variation is not lithology-dependent nor does it reflect diagenetic alteration. 168 
Thus, we interpret the isotopic data as recording original seawater signals. This is not 169 
unexpected in that Ca and Mg are major elements in carbonate rocks but not usually in post-170 
depositional fluids, and so their isotopic compositions are buffered against diagenetic change 171 
(Fantle and DePaolo, 2007; Silva-Tamayo et al., 2010a). 172 
 173 
4 Discussions 174 
4.1 Calcium isotope signals: local, regional or global? 175 
Changes in the calcium isotope composition of seawater depend primarily on the net 176 
imbalance between calcium delivery to the ocean and burial in sediments as the flux of 177 
calcium increases/decreases in response to continental weathering and erosion (De La 178 
Rocha and DePaolo, 2000; Fantle and DePaolo, 2005; Zhu and Macdougall, 1998). 179 
Kasemann et al. (2005) documented a negative Ca isotope excursion of about 0.8‰ in the 180 
mostly shallow platform carbonate rocks (Ombaatje section) in Namibia and interpreted that 181 
as reflecting a temporary imbalance between Ca input from continental weathering and Ca 182 
precipitation following the younger Cryogenian glacial. Subsequently, Silva-Tamayo et al. 183 
(2010b) obtained Ca isotope profiles for broadly equivalent successions in central-W Brazil 184 
and NW Canada (Fig. 4). They compared the isotopic pattern preserved in inner and outer 185 
platform carbonates from Brazil and Canada to the isotopic shallow platform pattern 186 
(Ombaatjie section) from Namibia and concluded that the Ca isotope perturbations were 187 
global and stratigraphically unique, and thus could be employed as a chemostratigraphic 188 
correlation tool. Examination of our Namibian data indicates otherwise: we find non-trivial 189 
differences in the Ca isotope variation across the palaeocontinental margin represented by 190 
the early Ediacaran Keilber-Maieberg Formation of the Otavi Group (Fig. 4). 191 
Focussing solely on the well-constrained Keilberg-Maeiberg cap-carbonate 192 
sequences those at Fransfontein (which record a foreslope setting) and Ombaatjie (shallow 193 
platform setting) display what could be viewed uncritically as comparable, bow-shaped 194 
δ44/40Ca profiles (Fig. 4). However, even though both begin at ca. 1.1‰, smoothly decline, 195 
and then rise back to values of ca. 1‰, the nadir is significantly lower at Ombaatjie (ca. 196 
0.4‰) than at Fransfontein (ca. 0.8‰). This reveals a statistically significant (α = 0.05) 197 
difference in relative isotopic variation (at least 0.4‰) between the two localities. Further, the 198 
Ca isotope profile at Khowarib (a shallow marine platform section similar to Ombaatjie) 199 
shows data scattering non-systematically around 0.5‰. Thus, there is substantial and 200 
statistically significant variability in δ44/40Ca data along a single shallow platform-to-slope 201 
transect (mean δ44/40Ca ± measure of dispersion 1σ; Fransfontein: 1.01 ± 0.15‰, Ombaatjie: 202 
0.86 ± 0.24‰, Khowarib: 0.51 ± 0.14‰), which refutes the claim by Silva-Tamayo et al. 203 
(2010b) that δ4/404Ca profiles are globally reproducible.  204 
The observed differences in the δ44/40Ca profiles for the Namibian transect suggest a 205 
regional influence amplifying the global pattern. Especially, the considerably different and 206 
non-systematic pattern for the shallow platform Khowarib section reveals the potential of a 207 
strong local control on the δ44/40Ca profile. Because the Fransfontein section would have 208 
been located along the edge of an ocean-facing continental margin, and given the 209 
consistency of that section‟s δ44/40Ca data, we consider this profile to be the most reliable 210 
record of global ocean conditions. This, then, indicates that the extreme Ca isotope values 211 
(as low as 0.1‰ to as high as 2‰; Fig. 4) observed in the shallow marine sections from 212 
Brazil, Canada (Silva-Tamayo et al., 2010b) and Namibia (Kasemann et al., 2005), are 213 
signals recording local modifications, and show that the temporary global shift of ~0.5‰ in 214 
the Fransfontein section (from 0.8‰ to 1.3‰) can be magnified to as much as 2‰ (Fig. 4). 215 
Consequently, our results counsel prudence before applying Ca isotope stratigraphy as a 216 
tool to correlate Neoproterozoic postglacial carbonate successions, and question the 217 
reliability of δ44/40Ca profiles to differentiate between the interglacial successions. In addition, 218 
while investigating global Ca mass balance evolution and weathering flux predictions, care 219 
has to be taken in choosing a δ44/40Ca pattern that is minimally influenced by local factors.     220 
 221 
4.2 Calcium and magnesium isotope signals: environmental implications 222 
The local control on the δ44/40Ca pattern does, however, provide a unique opportunity to 223 
improve our understanding of, and ability to reconstruct, the environmental conditions 224 
associated with extreme Neoproterozoic climatic changes. Factors that could have 225 
influenced the Ca isotope composition of the Neoproterozoic oceans, apart from changes in 226 
the continental weathering flux (and regime), include the rate of carbonate precipitation as 227 
well as mineralogy (e.g. calcite/aragonite), and ocean temperature and pH (Fig. 5). Hence, 228 
considering the scenarios proposed for the formation of cap carbonates, the Ca isotope 229 
composition of carbonate precipitates would certainly change: 230 
 231 
(i) Alkalinity and temperature changes 232 
It has been proposed that cap carbonates owe their origin to upwelling of deep basinal 233 
alkaline water during deglaciation (Grotzinger and Knoll, 1995; Ridgwell et al., 2003). 234 
Another view is that Cryogenian surface ocean temperature increased from -1.5°C to 30°C 235 
(Higgins and Schrag, 2003; Pierrehumbert, 2004) during deglaciation. In the former scenario, 236 
stimulation of carbonate precipitation would involve an increased Ca output and, hence, a 237 
positive Ca isotope excursion. In the latter, since Ca isotope fractionation decreases with 238 
increasing temperature (Gussone et al., 2005; Marriott et al., 2004; Nägler et al., 2000), the 239 
temperature effect should also drive a positive Ca isotope shift of ~ 0.6‰ (Gussone et al., 240 
2005) during cap carbonate precipitation, because carbonate is ubiquitously isotopically 241 
lighter than the Ca ion in aqueous  solution. In contrast, our δ44/40Ca data show a declining, 242 
rather than increasing, trend.  243 
 244 
(ii) Precipitation rate changes 245 
Alternatively, experimental studies on spontaneous calcite precipitation have demonstrated 246 
that Ca isotope fractionation values between calcite and aqueous Ca (Δ44/40Cacalcite-aqueous) are 247 
positively correlated (i.e. increase) with the precipitation rate, although the effect becomes 248 
weaker with increasing temperature (Tang et al., 2008). This positive rate-dependence on 249 
the Ca isotope fractionation is, especially at high precipitation rates, counterbalanced by the 250 
negative temperature-dependence and thus would not be able to produce the smooth and 251 
temporary declining isotope trend. Instead, it could only explain the non-systematic scatter 252 
and low δ44/40Ca of the shallow-marine Khowarib section marked by a thick Keilberg-253 
Maieberg carbonate sequence (Figs. 2, 3). 254 
 255 
(iii) Changes induced by mineralogy 256 
Since aragonite has a Ca isotope ratio 0.6‰ lower than cogenetic calcite (Gussone et al., 257 
2005), a global shift in carbonate mineralogy from calcite to aragonite is capable of producing 258 
the negative Ca isotope excursion observed in the Cryogenian successions. Such a scenario 259 
would require dominantly calcite mineralogy at the start of the deglaciation followed by 260 
principal aragonite precipitation up-section in the Keilberg-Maieberg, where the return to 261 
more positive values would document the initiation of a new global ocean steady state with a 262 
higher seawater Ca isotope composition (or, if it is temporary, a shift back to dominant calcite 263 
mineralogy). However, the sedimentary record and the lithology-independent Ca isotope 264 
variations do not support this. So far, a systematic study on Ca isotope fractionation in 265 
dolomite has not been published and insufficient Ca isotope data on dolomites have been 266 
reported (Holmden, 2009; Kasemann et al., 2005; Steuber and Buhl, 2006) to assess if a 267 
shift from potentially primary dolomite at the start of cap deposition to calcite and/or aragonite 268 
is capable of producing the Ca isotope excursion. Then again, such a shift is not supported 269 
by the lithology-independent Ca isotope variation. 270 
 271 
(iv) Changes induced by variation in pH and continental weathering  272 
A temporary acidification scenario during which carbonate deposition decreases due to 273 
ocean acidification and subsequently increases due to weathering feedbacks (Payne et al., 274 
2010) would result in an initial decrease in the carbonate depositional flux, accompanied by 275 
Ca accumulation in the seawater and a decrease in the Ca isotope composition, followed by 276 
an increase in carbonate deposition and return to a steady state and higher Ca isotope 277 
values. Boron isotope data obtained from the same samples offer support to such a scenario: 278 
Kasemann et al. (2010) modelled a marked ocean acidification event compatible with 279 
elevated postglacial pCO2 concentration for the younger deglaciation period. However, due 280 
to the limited amount of seafloor carbonate, carbonate dissolution together with a disruption 281 
of carbonate precipitation would by itself not be capable of producing the observed negative 282 
isotope excursion (Blättler et al., 2011). During the Phanerozoic, a change in composition of 283 
weathered lithology could change the Ca isotope composition of seawater when, for 284 
example, Ca isotope fractionation in marine shelled organisms drives carbonate rocks to 285 
more negative values compared to the average igneous rock (δ44/40Ca ~0.9‰, see DePaolo, 286 
2004 and references therein). However, Neoproterozoic carbonate rocks do not contain 287 
marine shelled organisms and the δ44/40Ca values (e.g. δ44/40Ca ~1‰, Ombaatjie and 288 
Fransfontein Fms, supplementary data) are on average higher than modern oozes (δ44/40Ca 289 
~0.4‰) and similar to average igneous rocks (e.g. δ44/40Ca 1 to 1.4‰, Tipper et al., 2006a).     290 
Similar  to Ca, the Mg isotope composition of seawater (Fig. 5) is predominantly 291 
controlled by a change in riverine Mg isotope flux (Tipper et al., 2006b), along with the ratio 292 
between the two seawater sinks: hydrothermal removal (which scavenges Mg quantitatively, 293 
and hence causes no isotope fractionation), and carbonate formation, which preferentially 294 
takes up light 24Mg, and therefore drives seawater isotopically heavier (Δ26/24Mgcalcite-aqueous ~ -295 
2.7‰, Δ26/24Mgdolomite-aqueouss ~ -1.8 to -2.7‰ depending of the type of dolomite mineralisation; 296 
Galy et al., 2002; Higgins and Schrag, 2010; Tipper et al., 2006b). In addition, a temporary 297 
ocean acidification event could decrease the Mg isotope ratio while a parallel rise in 298 
temperature would again drive an increase in δ26Mg during cap carbonate precipitation 299 
(observed for carbonates precipitated under laboratory conditions; Li et al., 2012). On the 300 
other hand, δ26Mg values in seawater are more dependent on the dominant type of 301 
weathering rock, i.e. silicates versus carbonates, and preliminary studies in modern 302 
weathering environments indicate further significant isotope fractionation between mineral 303 
residue and solution (e.g. Pogge von Strandmann et al., 2008) potentially generated via 304 
silicate soil formation (Pogge von Strandmann et al., 2012; Tipper et al., 2006b, 2010) and 305 
biological productivity in soils or rivers (Black et al., 2006; Bolou-Bi et al., 2010). Silicate 306 
rocks from the continental crust display δ26Mg values ranging from -0.5 to +0.9‰ (Li et al., 307 
2010; Liu et al., 2010; Shen et al., 2009; Tipper et al., 2006b), while Cryogenian carbonate 308 
rocks tend to be lower (δ26Mg between -2.2 and -1.1‰) with an average Mg isotopic 309 
composition ~-1.6‰, similar to reported Phanerozoic (δ26Mg: −4.4 to −1‰, Tipper et al., 310 
2006b) and Ediacaran carbonate data (δ26Mg: -2.3 to -0.8‰, Pokrovsky et al., 2011). 311 
Focussing on a temporary imbalance between weathering influx and precipitation as 312 
the main driver for both isotope excursions, continental weathering in the greenhouse 313 
aftermath of a glaciation would not only drive enhanced weathering of silicates but also of 314 
carbonates. While carbonate weathering does not sequester CO2 on geological timescales, 315 
its alkalinity flux might account for the deposition of the postglacial cap carbonates (Higgins 316 
and Schrag, 2003; Hoffman and Schrag, 2002). It has been recognised that alkalinity release 317 
from silicate weathering was neither rapid enough nor sufficient to account for cap 318 
carbonates; also, that the dissolution of carbonate minerals would be enhanced during 319 
deglaciation (lower temperature and emerged platforms) (Le Hire et al., 2009; Higgins and 320 
Schrag, 2003; Hoffman and Schrag, 2002) while maximum silicate weathering is reached 321 
after cap carbonate deposition (following melting and transgression) (Kasemann et al., 2005; 322 
Nogueria et al., 2007).  323 
The assumed change from carbonate-dominated to silicate-dominated weathering is 324 
apparent in the relationship and timing of the Ca and Mg isotope pattern for the Ombaatjie 325 
platform section. Both δ44/40Ca and δ26Mg display a bow-shaped negative shift indicating the 326 
temporary elevated weathering flux. However, the Mg excursion starts and terminates first 327 
with the nadir at the transition between the Keilberg cap dolostones and Maieberg 328 
limestones, whereas the nadir in the Ca excursion occurs stratigraphically higher (Fig. 2) and 329 
above where aragonite fan pseudomorphs are locally preserved. Consequently, the 330 
termination of cap dolostone sedimentation does not mark the end of enhanced weathering 331 
(Kennedy et al., 2001b), but may reflect the change from carbonate-dominated (low δ26Mg) 332 
to silicate-dominated (low δ44/40Ca) weathering as carbonate platforms are drowned by rising 333 
sea level (Hoffman and Schrag, 2002). 334 
That continental weathering is indeed the principal driver for the Ca and Mg isotope 335 
variation is also implied by the distinctive relationship between C, Ca, and Mg isotopes, in 336 
particular in the Ombaatjie section (Fig. 6). It is remarkable that for the Keilberg-Maieberg 337 
Formation, with the consistent exception of the contact sample (OBTJ 43) between the 338 
glacial and the Keilberg sequence (see also discussion of Fig. 2 in Kasemann et al., 2005), 339 
there are robust relationships between the carbon isotopic composition of the carbonates 340 
and the corresponding Ca and Mg isotope ratios (Fig. 6). The trends are plausibly linear: for 341 
δ44/40Ca versus δ13Ccarb, r = 0.79, >99% significant for n = 10 (Fig. 6a); for δ
26Mg versus 342 
δ13Ccarb, r = 0.82, >99% significant for n = 9 (Fig. 6b). This strongly suggests that Ca, Mg and 343 
C isotopes are coupled through continental (silicate + carbon-bearing rocks) weathering. As 344 
mentioned above, silicate weathering draws down CO2 but carbonate weathering does not 345 
remove CO2 from the atmosphere in the long term, permitting at least partial decoupling of 346 
some of the C isotope excursion from the recovery to more normal atmospheric CO2 levels. 347 
In the interpretation of Fig. 6 it is crucial to remember that the negative δ13Ccarb excursions 348 
during the Neoproterozoic are considered global and representative of “primary perturbation 349 
of the surface carbon cycle” with a “characteristic timescale of 105 to 106 years” (Johnston et 350 
al., 2012). Explanations invoking isotope resetting during diagenesis, or a massive pool of 351 
dissolved (or, indeed, particulate) organic carbon, have been convincingly ruled out by these 352 
authors. Thus, moving from δ13Ccarb close to zero to values of -6‰ or less likely implies an 353 
Earth system shifting between two end-member modes of operation. The first is similar to 354 
that of today with a balance between delivery of carbon to the ocean and sequestration of 355 
carbon in sediments at a ratio of carbonate C to organic C of 4 to 1. The second is where 356 
there is an enhanced input to the ocean of isotopically light carbon, presumed by Johnston et 357 
al. (2012) to be either methane or ancient organic matter in sediments delivered by 358 
weathering. 359 
The first end-member mode would be characterised by carbonate δ44/40Ca > 1.2‰ 360 
(and perhaps as high as ~1.4‰), and δ26Mg > -1.4‰ (and perhaps ~ -1.0‰). The second 361 
mode, by contrast, has δ44/40Ca ≤ 0.4‰ and δ26Mg ≤ -2.1‰ (Fig. 6d). We note that these 362 
latter values are not inconsistent with an enhanced riverine contribution from weathering of 363 
organic-rich sedimentary lithologies. Within this general scenario, the relationships illustrated 364 
in Fig. 6 then reflect various stages of the Earth system intermediate between the two end 365 
members, with the proviso that absolute values of δ44/40Ca and 26Mg are subject to 366 
modification by the processes already discussed above. The straight lines in Fig. 6 then 367 
represent, in a certain sense, the locus of mixing ratios (or transitions between end member 368 
modes of operation): note that we do not claim to have described (or measured) actual end 369 
members, only transitions towards them. The linearity is explained by relatively constant 370 
proportions of C : Ca : Mg in the ocean input, and the deviations of individual points from 371 
strict linearity may reflect various processes, including short-term differences in the input 372 
terms (e.g. decoupling of input sources), modification of isotope ratios by other processes as 373 
described above, and buffering of isotope ratio changes for the various elements depending 374 
on the different oceanic residence times. Such „noise‟ may be elucidated by consideration of 375 
δ44/40Ca versus δ26Mg. High δ26Mg is always accompanied by high δ44/40Ca at times of low 376 
continental weathering, and low δ26Mg is always accompanied by low δ44/40Ca at times of 377 
enhanced continental weathering. However, high δ44/40Ca is not always accompanied by high 378 
δ26Mg, and intermediate δ26Mg can have high or low δ44/40Ca perhaps signifying the changing 379 
influence of carbonate weathering (Fig. 6d). 380 
 381 
 4.3 Modelling seawater calcium and magnesium isotope excursions 382 
To test the extent to which the postulated changes in the continental weathering input and 383 
regime (i.e. episodes dominated by carbonate and silicate) are capable of producing the 384 
observed Ca and Mg isotope excursions, and also to elucidate timing and magnitude, we use 385 
a series of dynamic box models. The oceanic box models were calculated assuming that the 386 
sources of Ca to the oceans are continental weathering and hydrothermal fluids, and the sole 387 
source of Mg is continental weathering (in accordance with mass balance models for the 388 
Phanerozoic, e.g. Blättler et al., 2011; Payne et al., 2010; Pogge von Strandmann et al., 389 
2013). The common sink of Ca and Mg is net carbonate burial, while Mg is additionally 390 
removed via hydrothermal activity (which scavenges Mg quantitatively, and hence causes no 391 
isotope fractionation), and dolomite formation (high Mg sink compared to calcite). Both the 392 
calcium and magnesium cycles are modelled by taking the isotope ratios and magnitudes of 393 
the fluxes and isotope fractionation factors between sinks and sources from modern mass 394 
balance estimates (see Blättler et al., 2011; Tipper et al., 2006b and references therein) (Fig. 395 
7). For the calcium mass balance equation the hydrothermal flux was set to 2.0x1012 mol yr -1 396 
with δ44/40Ca = 0.9‰, the basic river flux to 2.3x1013 mol yr -1 with an initial δ44/40Ca of 1.0‰ to 397 
adjust for initial steady state conditions, and the initial oceanic calcium reservoir was set to 398 
1.4x1019 mol; Δ44/40Cacarbonate-aqueous = -0.8‰. The mass balance equation for the magnesium 399 
model takes account of 5.6x1012 mol yr -1 basic river flux with an initial δ26Mg of -1.0‰ and an 400 
initial oceanic magnesium reservoir of 7.3x1019 mol. Magnesium removal by carbonate 401 
precipitation is taken to be constant at -2.7‰ (equal to Δ26/24Mgcalcite-aqueous), and hence 402 
independent of the mineralogy of carbonate output (i.e. we do not assume different 403 
fractionation factors for dolomite or limestone precipitation; Higgins and Schrag, 2010). This 404 
accounts for the observed broad range in δ26Mg caused by the type of dolomite 405 
mineralisation and the facies-independent isotope pattern. The sink for both isotope systems 406 
is calculated as a partition coefficient, i.e. it is responsive to the seawater concentration. In 407 
the model, both elemental cycles are linked through the common riverine flux sources, 408 
carbonate and silicate rocks. The oceanic Mg and Ca isotope ratio then evolves as the 409 
balance of the carbonate and silicate mixture of the younger interglacial surface runoff 410 
changes through time. Bearing in mind the different element abundances of the two main 411 
lithologies, the average end-member silicate flux is taken as having δ44/40Ca ~ 1.2‰ and 412 
δ26Mg ~ -0.3‰, whereas the average end-member carbonate flux has δ44/40Ca ~ 0.8‰ and 413 
δ26Mg ~ -2.5‰ (Tipper et al. 2006a,b).  414 
Initially, the steady-state balance of the system was perturbed by changing the 415 
continental source flux linked to the assumed change from carbonate- to silicate-dominated 416 
weathering. The Ca isotope excursion observed on the slope (Fransfontein section), and 417 
considered to be the most reliable record of global ocean conditions, can be best matched by 418 
a combined (50% each) carbonate plus silicate weathering flux of 9x (all fluxes are given as 419 
a multiplier of the present day flux; see Holland, (2005)) for about 500 kyr, followed by a 420 
dominant silicate weathering pulse of 6x for 1 Myr. In contrast, an initial, 500 kyr-lasting 421 
carbonate plus silicate weathering flux of 20x, followed by a dominant silicate weathering 422 
pulse of 15x for 1 Ma would be necessary to produce the Ca isotope excursion observed on 423 
the platform (Ombaatjie section) (Fig. 8a,b). The inferred twofold increase in weathering 424 
fluxes emphasizes the magnified global shift in the local platform signal as a result of a 425 
restricted (embayed) basin or water body size rather than actually higher fluxes. 426 
Furthermore, to produce the initial δ26Mg increase right at the base of the cap and to fully 427 
decouple the Ca and Mg isotope excursion we would have to assume high primary dolomite 428 
formation for the first e.g. 100 kyr (cap dolostone, 85% Mg sink: Keilberg is primary dolomite, 429 
i.e. was a large Mg sink at the time of deposition) followed by primary carbonate (calcite 430 
and/or aragonite) precipitation (present day 15 – 28% Mg sink; Holland, 2005; Tipper et al., 431 
2006b). Alternatively, an exclusive silicate weathering influx of e.g. 20x for 1 Myr would also 432 
produce the general isotope pattern observed on the platform, but in contrast to what we 433 
observe in the isotope record, the nadir in δ44/40Ca would occur earlier than the one in δ26Mg 434 
(Fig. 8c). A much lower silicate weathering influx of e.g. 5x for 1 Myr, would still be capable of 435 
reproducing the Ca isotope pattern on the slope but would not be sufficient to generate a 436 
significant Mg pattern (Fig 8d). Note, that we have ignored the potential effects of changing 437 
temperature and mineralogy in order to investigate the effects of weathering alone.  438 
In an attempt to infer CO2 consumption during increased silicate weathering in the 439 
post-panglacial environment, we use the calculated river fluxes from the oceanic box model. 440 
Our simplistic calculation is based on the assumption that, as in modern rivers, silicate 441 
weathering rate and CO2 consumption rate stay linear (Gaillardet et al., 1999). A CO2 442 
consumption of 6.9x1019 mol in 1.5 Myr is inferred by applying the modern ratio of silicate 443 
weathering flux (Ca and Mg) and CO2 consumption fluxes on the modelled silicate 444 
weathering flux from Fransfontein (silicate weathering increases post-snowball to 4.5x, then 445 
6x). This is a ~5-fold increase in silicate weathering compared to the “normal” modern rate of 446 
8.7x1012 mol C yr -1 lasting for about 1.5 Myr (only continental weathering; Gaillardet et al., 447 
1999).  448 
Beside the discussion on rock (silicate) weathering augmenting CO2 consumption and 449 
controlling ocean pH in the younger Cryogenian glacial aftermath, the timescale and rate of 450 
„cap carbonate‟ precipitation is a matter of on-going debate (e.g. Hoffman et al., 2007). In our 451 
model we found that a time period of at least 3 Myr is needed to drive the entire Ca-Mg 452 
isotope perturbation on both the slope and platform Keilberg-Maieberg carbonate sections, 453 
assuming modern ocean residence times for Ca and Mg. This time period is in excellent 454 
agreement with a model calculation on Ca isotope oscillation in Brazilian cap carbonates 455 
(Silva-Tamayo et al., 2010b) and U–Pb ages from China (Condon et al., 2005). Focussing on 456 
the postglacial Keilberg cap dolostones, our model predicts a deposition period of ~100 kyr 457 
and a sedimentation rate between 0.15 to 0.2 mm yr−1 for Keilberg cap dolostone going from 458 
slope to platform. In addition, a uniform deposition period of ~1 Myr with an average 459 
sedimentation rate ranging from 0.03 mm yr −1 on the slope to 0.14 and potentially up to 0.22 460 
mm yr −1 on the platform are implied for the Maieberg limestone. However, timescale and rate 461 
of deposition of Keilberg cap dolostone inferred from the model are in sharp contrast with 462 
rapid deposition of <10 kyr (between 2000 and 10000 years; Higgins and Schrag, 2003; 463 
Hoffman et al., 2007; Kennedy et al., 2001b) and an average sedimentation rate of 0.01 m yr 464 
−1 (3.8 to 19.0 mm yr −1) as inferred by climate models (Hoffman et al., 2007) and 465 
sedimentological features implying fast deposition (e.g. Hoffman, 2011). While our timescale 466 
of cap dolostone deposition exceeds the duration inferred by climate models, it, however, 467 
correlates with magnetostratigraphic data suggesting that cap dolostones accumulated over 468 
several hundreds of thousands of years (Kilner et al., 2005; Trindade et al., 2003) implying 469 
either much slower glacial meltdown, or cap dolostone accumulation surpassing the period of 470 
glacio-eustatic rise (Hoffman et al., 2007). Note that our oceanic box model is not designed 471 
to highly resolve the time of cap dolostone deposition but to reproduce the overall Ca-Mg 472 
isotope pattern. To critically assess the geochemical evolution of the Cryogenian-Ediacaran 473 
ocean-atmosphere system and to account for palaeogeography and palaeobathymetry, as 474 
well as for other environmental conditions and feedback mechanisms, more sophisticated 475 
Earth system models are needed. In addition, to explicitly simulate and assess the changing 476 
influx and significance of continental silicate weathering (especially for the Keilberg cap 477 
dolostone deposition), additional proxy data, e.g. lithium isotopes, are needed which respond 478 
solely to silicate weathering over short timescales.  479 
 480 
4.4 Continental weathering and ocean pH 481 
If, as suggested by our data, the younger Cryogenian pan- to interglacial transition was 482 
indeed a time of enhanced continental weathering, then the concomitant flux of alkalinity into 483 
the seawater must have enabled the ocean to return from an acidification event to a state of 484 
pH normalcy. The linkage between enhanced continental weathering and buffered ocean pH 485 
is emphasized by the observation that the transient ocean acidification event, indicated by 486 
the negative δ11B excursion of the Keilberg-Maieberg sequence (Kasemann et al., 2010), is 487 
essentially tracked by δ13C, δ44/40Ca and δ26Mg (Fig. 2) and, by implication, continental 488 
weathering. As reported in Kasemann et al. (2010), the δ11B-ocean pH profiles from the 489 
palaeocontinental margin are comparable in cyclicity. However, similar to the regional 490 
differences in the magnitude of the Ca and Mg isotope excursion, slight regional differences 491 
in timing of the B isotope excursion exist. In case of the shelf-slope break section 492 
(Fransfontein) - our most reliable record of global ocean conditions - the δ11B-ocean pH 493 
excursion is essentially tracked by δ13C and δ44/40Ca. The recovery from the ocean 494 
acidification event starts within the Maieberg limestones and hence, in time with the change 495 
in the weathering regime and maximum silicate weathering flux, indicating the connection 496 
between ocean pH, continental weathering and potentially pCO2 (Fig. 9). On the shallow-497 
marine platform section (Ombaatjie), the nadir in δ11B-ocean pH occurs already in the 498 
Keilberg cap dolostones and well before the nadir in δ13C, δ44/40Ca and δ26Mg (Fig. 2). In fact, 499 
there is a progressive change between δ11B versus δ13C (see Fig. 2 in Kasemann et al., 500 
2005), δ44/40Ca and especially δ26Mg (Fig. 6c). The smooth “clockwise” trend highlights 501 
different periods when either B changed and Mg did not, or Mg changed and B remained 502 
constant. This difference in timing was initially interpreted as a potential disconnection 503 
between ocean pH and atmospheric CO2 (Kasemann et al., 2005) and hence weathering. 504 
Instead, the early nadir in δ11B and the partial decoupling from δ13C, δ44/40Ca and δ26Mg at 505 
the platform could be the result of a combination of processes linked to the general change in 506 
the weathering regime and the local scale of the weathering signal. Considering the 507 
magnified continental weathering signal on the platform, the early nadir in δ11B-ocean pH 508 
implies that the pH of the seawater was locally influenced by the enhanced rise in alkalinity, 509 
which must have buffered the shallow and potentially restricted water body on the platform 510 
first and foremost, as compared to the open ocean on the shelf-slope break. Additionally, 511 
while the dominant carbonate weathering flux at the outset is able to increase alkalinity and 512 
buffer pH, it would not remove CO2 from the atmosphere in the long term. 513 
  514 
5 Conclusions 515 
Calcium and magnesium isotope patterns, preserved in the Otavi Group carbonate rocks 516 
from Namibia, indicate an enhanced continental weathering influx following the demise of the 517 
younger Cryogenian (ca. 635 Ma) glaciation. This observation is in general accordance with 518 
results gained from broadly equivalent successions in Brazil and Canada by Silva-Tamayo et 519 
al. (2010b), signifying a global Ca perturbation of the ocean via flux imbalances in response 520 
to continental weathering. Yet, our study identifies significant differences in the magnitude of 521 
the Ca isotope excursions between the different basins and notably even along the single 522 
palaeocontinental margin transect of the Congo craton in Namibia. A simple oceanic box 523 
model based on the Ca and Mg isotope data from Namibia revealed a twofold increase in the 524 
calculated weathering flux for the platform setting compared to the slope setting. Instead of 525 
implying variable weathering fluxes across the palaeocontinental margin, the more 526 
pronounced platform signal (Ombaatjie section) rather suggests a local influence of a 527 
restricted basin or water body, potentially amplifying the global pattern represented by the 528 
slope (Fransfontein) section. The non-systematic scatter in the second platform section 529 
(Khowarib) points to an additional strong local control on the Ca isotope signal due to 530 
potential differences in rates of carbonate precipitation, carbonate supersaturation and/or 531 
temperature. Consequently, Ca isotope profiles are not globally reproducible and not a 532 
reliable chemostratigraphic correlation tool, and extreme regional isotope signals can lead to 533 
an overestimate of the global chemical weathering flux. Observed differences in the timing of 534 
the Ca and Mg isotope excursion in both of our platform and slope sections are best 535 
explained by primary dolomite formation during Keilberg cap dolostone sedimentation 536 
together with a change from carbonate- to silicate-dominated continental weathering as 537 
carbonate platforms are drowned by rising sea level. Our box model implies an initial 538 
carbonate plus silicate weathering flux and a change in the continental weathering regime 539 
above the cap dolostone sedimentation and during deposition of the deeper-water limestone 540 
rhythmites of the lower Maieberg Formation. Dominant silicate weathering is reached 541 
stratigraphically higher in the Maieberg limestones near and/or above where aragonite fans 542 
occur and in the highstand sequence (Hoffman, 2011) of the Maieberg dolostones. The 543 
enhanced continental weathering flux and concomitant flux of alkalinity into the seawater 544 
must have enabled the Earth system to recover from low ocean pH conditions and to 545 
maintain carbonate sedimentation even under acidic ocean conditions. Consequently, the 546 
documentation of combined proxy records of δ44/40Ca and δ26Mg with δ11B and δ13C allows to 547 
better delineate the response and recovery from a hypothesised postglacial, ultra-548 
greenhouse state and how this impacts on the Earth system‟s capacity to maintain an 549 
equable environment.  550 
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Fig. captions 758 
Fig. 1. Generalized geological map of northern Namibia showing location of three 759 
Neoproterozoic carbonate sections (modified after Kasemann et al., 2010). See text for 760 
discussion.  761 
 762 
Fig. 2. Composite B, C, Mg and Ca isotope records for younger Cryogenian postglacial 763 
carbonate sections in Namibia. Transect from deeper- to shallow-marine settings, 764 
including(a) the Fransfontein section from the ridge shelf-slope break and the Ombaatje 765 
section from the shallow shelf, as well as (b) the nearby shallow shelf Khowarib section. 766 
 767 
Fig 3. Expanded (log-) view of the Mg and Ca isotope records for the younger Cryogenian 768 
postglacial carbonate sections in Namibia.  769 
 770 
Fig. 4. Ca isotope records of the Keilberg–Maieberg formations in NW Namibia and the 771 
coeval post-glacial carbonate successions in Brazil and NW Canada from Silva-Tamayo et 772 
al. (2010b). 773 
 774 
Fig. 5. Schematic overview on the relative shift in Ca and Mg isotope composition in 775 
carbonates as a function of factors that could have been present in the Neoproterozoic world. 776 
*Changes in the isotope composition induced by the precipitation rate and mineralogy 777 
(aragonite/calcite) are only valid for calcium. Changes in the Mg isotope ratio induced by 778 
temperature have been so far only observed for carbonates precipitated under laboratory 779 
conditions (see text for discussion).  780 
 781 
Fig. 6. Crossplots of B, C, Mg and Ca isotope data for the postglacial carbonate rocks from 782 
the Ombaatjie platform section. The arrows in (a) to (d) indicate the stratigraphic sequence of 783 
samples from the base to the top of the postglacial section. The open circle represents the 784 
basal Keilberg cap contact sample. The correlation coefficient r in (a) and (b) is given for the 785 
postglacial rocks excluding the contact sample.  786 
 787 
Fig. 7. Parameter values used in the oceanic box model. Model parameters are derived from 788 
Blattler et al. (2011); DePaolo (2004); Higgins and Schrag (2010); Holland (2005); Milliman 789 
(1993); Tipper et al. (2006a,b); Wilkinson and Algeo (1989). Initial river isotope ratios as well 790 
as the Ca seawater reservoir were taken from modern with subsequent small adjustments to 791 
achieve data-valid starting compositions. Seawater and output flux values respond to model 792 
adjustments and changes over time. 793 
 794 
Fig. 8. A combined plot of the dynamic box model outcome for the Mg and Ca isotope 795 
excursion through time and the actual Mg and Ca isotope excursion (converted seawater 796 
values) observed on the shelf-slope break (Fransfontein) and platform (Ombaatjie). The 797 
model outcome for A and B is given for the weathering scenario proposed to best match the 798 
Mg and Ca isotope excursion from slope to platform: a combined carbonate plus silicate 799 
weathering flux respectively of 9 and 20 times present day for about 500 kyr, followed by a 800 
dominant silicate weathering pulse of respectively 6 and 15 times present day for 1 Myr, as 801 
well as high primary dolomite formation for the first e.g. 100 kyr (cap dolostone, 85% Mg 802 
sink) followed by primary calcite formation. The arrows indicate the timing of the expected 803 
change in weathering regime. The relative position of the analysed Mg and Ca isotope data 804 
and Formation boundaries on the time axis is given by the stratigraphic sequence; assumed 805 
timescale and rate of deposition can only be regarded as mean values. Model C and D 806 
represent the outcome for an exclusive silicate weathering influx of 20x for 1 Myr and 5x for 1 807 
Myr, respectively (see text for discussion).  808 
 809 
Fig. 9. Composite boron, carbon, calcium and magnesium (B, C, Ca, Mg) isotope record 810 
together with palaeo-pH and continental weathering flux reconstructions for the post-Ghaub 811 
carbonate succession at Fransfontein (foreslope) in northern Namibia (modified after 812 
Kasemann et al., 2010). Grey area marks average B isotope composition and ocean pH 813 
conditions of inferred Neoproterozoic climatic normalcy. Arrow indicates inferred transient 814 
ocean acidification event. For a detailed discussion on the boron and pH data see Kasemann 815 
et al. (2010).  816 
Highlights 
 We investigate Earth system response and recovery to extreme environmental conditions in 
the Neoproterozoic. 
 Calcium and magnesium isotopes indicate an enhanced continental weathering flux after a 
global glaciation. 
 Continental weathering enabled the ocean to recover from an ocean acidification state. 
*Highlights (for review)
Figure_1
Click here to download high resolution image
Figure_2
Click here to download high resolution image
Figure_3
Click here to download high resolution image
Figure_4
Click here to download high resolution image
Figure_5
Click here to download high resolution image
Figure_6
Click here to download high resolution image
Figure_7
Click here to download high resolution image
Figure_8
Click here to download high resolution image
Figure_9
Click here to download high resolution image
Supplementary material for on-line publication only
Click here to download Supplementary material for on-line publication only: Supporting_Online_Material_final.docx
Table S1
Click here to download Supplementary material for on-line publication only: Table_S1.xlsx
